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Understanding the viscous strength (rheology) of the mantle is essential for 
understanding the dynamics and evolution of the Earth. Rheology affects many geologic 
processes such as mantle convection, the earthquake cycle, and plate tectonics. This study 
uses tectonic (postseismic) and non-tectonic (lake unloading) events that have induced 
differential stress changes within the crust and mantle, which in turn, create surface 
deformation. The viscoelastic relaxation is constrained using geodetic methods, such as 
GPS, InSAR, or measurements of shoreline rebound. We can use these observed surface 
displacements to constrain numerical models of the relaxation processes that can be used 
to infer a viscosity structure. These studies allow us to infer the mechanical nature of the 
lithosphere and asthenosphere using 3D finite element models. When we combine our 
inferred viscosity structure with calculations of conductive geothermal gradients and 
models of mantle melting, we can infer environmental conditions of the upper mantle like 
water content, mineralogy, and degree of melt.  
In our first study, we seek to reduce non-uniqueness issues that plague in situ 
rheology studies by simultaneously modeling the response of the crust and mantle for a 
single region of western Nevada to multiple processes constrained by multiple 
observational data sets. Western Nevada has experienced a series of Mw >6.5 earthquakes 
over the last ~150 years, from the 1872 Owen’s Valley earthquake to the 1954 Dixie 
Valley event, as well as the loading/unloading of Pleistocene-aged Lake Lahontan. Our 




geodetic constraints. We found a strong lower crust underlain by a relatively weak upper 
mantle can explain all observational constraints. We also infer the decreases in viscosity 
we observed are due to hydration possibly from the subduction of the Farallon slab and 
melt content.  
In the next study, we investigate the 2010 El Mayor-Cucapah earthquake. This 
provides a fairly unique region because the postseismic deformation extends across 
multiple distinct geologic provinces, giving us the opportunity to study lateral 
heterogeneity using five years of cumulative GPS-measured postseismic deformation. 
The surface deformation is best explained by a laterally heterogeneous and depth 
dependent viscosity structure with the Salton Trough having a weaker viscosity than the 
surrounding region, consistent with the inferred thermal structure of the region and the 
seismologically observed LAB. We infer a region of hydration with possible melt for the 
Peninsular Ranges and suggest the Salton Trough has dehydration within the upper 







CHAPTER 1. INTRODUCTION 
The following dissertation explores the relationship between surface deformation and 
lower crustal and upper mantle rheologic structure.  Utilizing a variety of datasets 
(InSAR, GPS, and lake shoreline elevations) as observational constraints for finite 
element models of the lower crust and upper mantle relaxation process, I infer 
characteristics of mantle strength affected by earth system processes. I then go beyond 
the rheologic structure to infer basic upper mantle properties like water content, 
mineralogy, and melt content. The following sections define key themes examined in this 
dissertation and provide a summary of each chapter. 
 
1.1 Rheology 
Rheology is the study of the flow or deformation of a material (in our case, rocks) 
described by the relationship between stress and strain.  Investigating the Earth’s 
rheology is of crucial importance as it is a fundamental control for the behavior of earth’s 
crust and mantle over geologic timescales.  Therefore, understanding rheology is 
essential when investigating dynamic processes within the lower crust and upper mantle, 
including the earthquake cycle, plate tectonics, and convection. 
  To a first order, it can be assumed that rocks begin to deform when the weakest 
mineral fails.  Quartz is the most chemically stable mineral within the Earth’s crust 
(Monroe et al., 2007), making it the second most abundant mineral within the continental 
crust.  Thus, the mechanical behavior of the crust is probably controlled by quartz 
because it is one of the most abundant minerals found in crustal rocks (Stüwe, 2007).  
Similarly, the mechanical behavior of the underlying upper mantle is also controlled by 
its most stable and abundant mineral, olivine.  Therefore, understanding how these 




the earth’s interior responds to differential stress. Currently, two primary methods are 
used to infer the Earth’s rheologic structure: (1) laboratory experiments and (2) in situ 
methods of deformation. 
1.2 Laboratory experiments 
Laboratory experiments investigating upper mantle minerals like olivine reveal a 
rheologic dependence on environmental variables, including temperature, water content, 
grain size, degree of melt, and mineral composition. These analyses lead to constitutive 
relationships to quantify how strain rates vary due to these factors. One such equation is 
given by: 
𝜀 = 𝐴𝐶!"! 𝜎!𝑒!(!!!")/!" 
where 𝜀 is the strain rate, A is the pre-exponential factor, COH represents the water content, 
r is the exponent to the water content, 𝜎 is the differential stress, n is the stress exponent, 
Q represents the activation energy, P is pressure, V is the activation volume, R is the gas 
constant, and T is temperature (Hirth and Kohlstedt, 2003). One of the main issues with 
using laboratory experiments, however, is the limited constraints we have for 
environmental conditions within the upper mantle. Among these, the mineral composition 
is the best constrained, whereas the grain size and water content have the largest 
uncertainties. The grain size, for example, has uncertainties of several orders of 
magnitude. In highly sheared rocks from the upper mantle, the grain size could be as 
small as ~10 μm. In comparison, coarse-grained xenoliths from upper mantle depths have 
grains of olivine, orthopyroxene, and other minerals as large as a few mm, which could 
affect the viscosity by more than a few orders of magnitude (Karato, 2008).  In addition, 
these environmental factors could vary across regions, which would result in strength 
contrasts between adjacent regions. The strength contrast between two juxtaposed regions 
of varying heat flow and crustal thickness are considered in Chapter 3. Extrapolating the 
laboratory experiments to the scale of tectonic stress and strain rates also raises 
uncertainty about the spatial and temporal scale of deformation (Burgmann and Dresen, 




1.3 in situ deformation experiments 
An alternative method to constrain the rheology of the upper mantle is to use an in 
situ rock squeezing experiment, or some tectonic/nontectonic process that changes the 
differential stresses within the mantle, which in turn induces flow, and then creates 
surface deformation. Since surface deformation is sensitive to rheology, we can infer the 
rheology of the lower crust and upper mantle with constraints on the induced stress 
change and measurements of surface deformation.  The earliest models inferring the 
viscosity of the mantle were based on postglacial rebound (Cathles, 1975). These studies 
provide constraints on the rheology over large wavelengths and timescales of thousands 
of years and gave estimates for the upper mantle ranging from ~1020 – 1021 Pa s.  
Similarly, rheology can also be inferred using lacustrine (lake) loads in the Pleistocene 
(e.g. Bills et al., 2004; Bills et al., 2007) constrained by deflected shorelines. Recent 
implementation of geodetic technologies and techniques precisely constrain surface 
deformation induced by large (approximately ≥Mw 7.0) earthquakes. These methods 
constrain the rheology over shorter distances and timescales and generally provides a 
lower estimate of upper mantle viscosity for the Western U.S. (~1018 – 1019 Pa s). 
Improvements in observational constraints and modeling techniques have increased the 
resolution of viscosity changes within the upper mantle, both laterally and with depth 
(Dixon et al., 2004). 
One of the main issues of using in situ studies, however, is non-unique solutions. 
Non-uniqueness arises from a variety of reasons including, but not limited to, poor data 
coverage and varying initial assumptions within the modeling, which can invariably be fit 
by multiple viscosity structures. We address non-uniqueness within Chapter 2, by trying 
to minimize these issues by considering the response of a single region to more than one 
observable loading process. 
 
1.4 Going beyond a rheologic structure 
Previous studies involving in situ deformation experiments have been performed for 
various earthquakes and other earth processes around the world.  This study presents a 




properties. We accomplish this by modeling steady state geothermal gradients and 
comparing these to modeled phase diagrams of potential enriched and depleted mantle 
compositions with variable water contents. By comparing our inferred viscosity 
structures to correlations between the geotherm and mantle melting models, we are able 
to infer the composition, water content, and degree of partial melting within the upper 
mantle. The detailed methodology of calculating the steady state geothermal gradients 
and the modeling of the isochemical phase diagrams along with the constraints are 
individually found within the following chapters. 
 
1.5 Chapter Summaries 
1.5.1 Chapter 2 
This chapter, entitled “Inference of the viscosity structure and ambient mantle 
conditions beneath the Central Nevada Seismic Belt from combined postseismic and lake 
unloading studies,” investigates whether a single Newtonian rheology structure can 
explain measured surface deformation from two separate loading events in Western 
Nevada. Western Nevada provides a unique opportunity for us to understand and 
investigate the rheology, because it has been influenced by tectonic loading from a series 
of 20th century earthquakes and non-tectonic loading from a large lake (Lake Lahontan) 
that formed during the Pleistocene and subsequently evaporated. Four previous studies 
(three postseismic studies and one lake unloading study) have investigated the rheology 
of this region, however, these individual studies reveal the primary issue that plagues in 
situ rheologic studies: non-unique solutions. These issues result from limited and/or noisy 
observational constraints and contributions to surface displacements from non-tectonic 
sources and other tectonic mechanism.  
Here we aim to reduce that non-uniqueness by considering the response of the crust 
and mantle to both of the loading processes constrained by multiple independent 
observational data sets. A numerical simulation of two distinctly different loading 
processes within the same volume of crust and mantle that can simultaneously explain 
different sets of associated observational constraints is more likely to accurately capture 




because it is unusual to have two distinct observationally constrained loading events in 
the same region.  
Our results suggest that the rheologic structure for Western Nevada includes a strong 
lower crust (on the order of 1020 Pa s) overlying a relatively weak mantle (order 5 x 1018 
Pa s) from 40 to 80 km, and a very weak asthenosphere (order 1018 Pa s) below 80 km. 
We find using multiple data constraints of different loading processes decreases the 
uncertainty range for all depths of the mantle where the model space overlaps, providing 
evidence that using two distinct loading events can decrease non-uniqueness issues in 
rheologic studies. In addition, we go beyond rheologic structure to infer basic mantle 
properties. We use thermal modeling of geothermal gradients and calculate melting 
curves for both an enriched and depleted mantle composition. These results, along with 
comparisons to observed seismic velocities, suggest that inferred decreases in viscosity 
are caused by partial melting and a hydrated upper mantle, possibly influenced by the 
subduction of the Farallon slab. This work was submitted to Geophysics, Geochemistry, 
Geosystems (colloquially, G3) in November, 2015.  
 
1.5.2 Chapter 3  
The next chapter entitled “Inferred rheology and mantle conditions from postseismic 
deformation following the 2010 El Mayor-Cucapah Earthquake” studies postseismic 
displacements following the Mw 7.2 El Mayor-Cucapah (EMC) earthquake to infer the 
rheology of the region. This earthquake ruptured within the Salton Trough, a region of 
high heat flow, low topography, thin crust (~22 km), and low seismic velocities, which is 
flanked by the Peninsular Ranges to the west. In contrast to the Salton Trough, the 
Peninsular Ranges have low surface heat flow, high topography, and thick crust (<30 km). 
These two distinct geologic provinces allow us to explore the role depth-dependence and 
lateral variability in viscosity structures. We find that the 5 year cumulative GPS 
displacements are best fit by viscoelastic relaxation of the lower crust and mantle in the 
Salton Trough with stronger viscosities in the surrounding region. Our inferred viscosity 




and our independently calculated geotherm for the Peninsular Ranges and mantle melting 
models for pyroxenites and peridotites.  
This work is part of a collaborative effort with Dr. Andy Freed and Dr. Chris 
Andronicos at Purdue University, Dr. Mong-Han Huang and Dr. Eric Fielding at JPL, 
and Dr. Roland Bürgmann at U.C. Berkeley. Because our research is based on the fault 
geometry optimization and inversion for the slip distribution led by Mong-Han, the 
timing of our manuscript submission will be coordinated so both will be submitted in 
unison. The accompanying manuscript is entitled “Heterogeneous Earth Structure, 
Deformation, and Slip During the 2010 Mw 7.2 El Mayor-Cucapah Earthquake from 
Geodetic Data” and both manuscripts are anticipated to be submitted to the Journal of 
Geophysical Research by the end of 2015/early 2016. All of the coauthors currently have 






CHAPTER 2.  INFERENCES OF THE VISCOSITY STRUCTURE AND MANTLE 
CONDITIONS BENEATH THE CENTRAL NEVADA SEISMIC BELT FROM 
COMBINED POSTSEISMIC AND LAKE UNLOADING STUDIES 
2.1 Abstract 
We test whether a single depth-dependent Newtonian viscosity structure can be found 
to explain measured surface deformation in Western Nevada from two separate loading 
events: tectonic loading from a series of 7 historic earthquakes in the Central Nevada 
Seismic Belt and non-tectonic loading from the formation and evaporation of co-located 
Pleistocene-aged Lake Lahontan. Rheologic studies are generally plagued with non-
uniqueness issues due to the limitations of observational constraints. Here, we reduce 
non-uniqueness by solving for a single rheologic structure that can simultaneously satisfy 
all observational constraints associated with all events. Model results suggest that 
Western Nevada is underlain by a strong lower crust (order 1020 Pa s), a relatively weak 
mantle (order 5 x 1018 Pa s) from 40 to 80 km, and a very weak asthenosphere (order 1018 
Pa s) below 80 km. Thermal modeling of conductive geothermal gradients, combined 
with melting curves calculated for enriched and depleted mantle compositions suggest 
that the viscosity decrease at 40 km depth is associated with a hot hydrated mantle, 
possibly modified by Farallon slab subduction. Seismic velocity structure suggests the 
viscosity decrease at 80 km represents the top of the asthenosphere.  
 
2.2 Introduction 
In situ lower crust and mantle viscosity structure can be inferred using observations 
associated with how the lower crust and mantle flows in response to changes in the stress 
state, such as following earthquakes, the removal of glacial loads, or the unloading of 




laboratory rock squeezing experiments, where a known stress is applied to a material that 
deforms ductily, with the observed strain rate enabling the determination of the 
viscoelastic properties of the specimen. For in situ measurements, earthquakes and lake 
unloadings impart stress changes in the lower crust and upper mantle driving viscoelastic 
flow, which causes observable surface deformation. Geodetic instruments, such as GPS 
or InSAR, can record these surface displacements following earthquakes, while for the 
case of lake unloading, these displacements can be recorded by deflections of shoreline 
elevations as a function of time. Used as constraints on numerical models of the 
relaxation process, these geodetic measurements can be applied to infer the in situ 
rheologic structure that underlies the seismogenic crust. 
The main difficulties with in situ rheological studies are non-uniqueness issues 
associated with uncertainties or poor coverage in the observational data. Invariably, 
observational constraints can be fit by more than one viscosity structure. In addition, 
oversimplified modeling approaches and varying assumptions regarding the nature of the 
flow can bias the inferred viscosity structure. For example, differing estimates of the 
loading process, varying assumptions regarding the sharpness of the brittle/ductile 
transition, different considerations of the influences of nonlinear behavior, and alternate 
estimates of the influence of other postseismic mechanisms such as afterslip, will 
invariably lead to different analyses of the same observational constraints to draw 
different conclusions regarding the viscoelastic structure.  
Non-uniqueness issues in in situ rheological studies can potentially be reduced if one 
considers the response of a single region to more than one observable loading process. A 
numerical simulation of two distinctly different loading processes within the same 
volume of crust and mantle that can simultaneously explain different sets of associated 
observational constraints is more likely to accurately capture the nature of the viscosity 
structure. This has not previously been attempted, primarily because it is unusual to have 
two distinct observationally constrained loading events in the same region. Western 
Nevada is one of these rare locations, where the crust and mantle have experienced two 
distinct stress-changing events from which surface deformation has been measured. 




along the Central Nevada Seismic Belt (CNSB) (Table 1) [Bennett et al., 1999; Thatcher 
et al, 1999; Wernicke et al, 2000], and shoreline deformation associated with lake 
unloading is associated with the evaporation of Lake Lahontan over the past 40,000 years 
[Adams et al., 1999] (Figure 1).  
Three separate postseismic studies [Hetland and Hager, 2003; Gourmelen and 
Amelung, 2005; Hammond et al, 2009] and one lake unloading study [Bills et al., 2007] 
have been conducted based on observational constraints associated with these events to 
infer the viscosity structure of Western Nevada. Figure 2 demonstrates the non-
uniqueness of these individual studies, with inferred viscosity varying by as much as an 
order of magnitude or more at some depths. Differences between these postseismic 
results could be due to varying assumptions in the respective studies, as well as 
differences in the constraints used by each study. Differences between the postseismic 
and lake unloading studies could be due to non-linear effects where different loading 
environments lead to different rheological responses. Here we attempt to combine the 
postseismic and lake unloading processes into one self-consistent study of the rheology of 
Western Nevada in order to understand whether a single Newtonian viscosity structure 
can be found to simultaneously explain all of the observational constraints.  
The inferred rheologic structure is greatly influenced by a number of environmental 
factors including the water content, temperature, pressure, partial melt, and mineralogy. 
In order to go beyond the rheologic structure and infer some basic properties of the 
regional mantle, we also model steady state geothermal gradients by matching surface 
heat flow and a reasonable range of temperatures at the Moho within the study area. We 
then compare these geothermal gradients to isochemical phase diagrams calculated for 
theoretical enriched and depleted mantle compositions with variable water contents. This 
enables us to infer the composition, degree of partial melting and water content of the 





Table 2.1. Earthquake parameters used in study. 













Owens Valley	 7.6	 03/26/1872	 100	 339	 90	 180	 6.0	 Carver et al, 
1969; Hill, 1972; 
Slemmons et al., 
1968; Hough and 
Hutton, 2008	
Pleasant Valley*	 6.9 -
7.5*	
10/03/1915	 59	 210	 45 W	 -90	 3.8	 Wallace, 1984; 
Doser, 1988	
Cedar Mountain	 7.1	 12/21/1932	 60	 344	 80 E	 180	 1.8	 Gianella and 
Callaghan, 1934; 
Doser, 1988	
Fairview Peak	 7.0	 12/16/1954	 32	 15	 60 E	 -126	 2.4	 Savage and 
Hastie, 1969; 
Hodgkinson et 










70	 15	 50 E	 -159	 1.0	 Doser, 1986; 
Caskey, 2004 	












22	 170	 60 W	 -146	 0.5	 Slemmons, 








Figure 2.1 Maximum extent of Lake Lahontan during its’ highstand (blue), overlain with 
the locations of the 7 earthquakes used in this study. The earthquakes transition from 
strike-slip events in the south to normal faults in the north. Dotted lines represent today’s 
remnants of Lake Lahontan. Inside the inset, triangles are the GPS locations of the 
BARGEN array and the Basin and Range Highway 50 network. The grey shaded box 
denotes the region of compression observed in the GPS data. 
  



































































 Figure 2.2 Comparison of best-fit inferred viscosity structures from previous studies. 
Hetland and Hager (2003), Gourmelen and Amelung (2005), and Hammond et al. (2009) 
are postseismic studies, whereas Bills et al. (2007) is a Lake Lahontan rebound study. A 
range of preferred mantle viscosities was suggested by Gourmelen and Amelung (2005), 
therefore the median viscosity is shown. The mantle viscosity was unresolvable in 




2.3 Observational Constraints 
2.3.1 Historic Earthquakes and Postseismic Observations 
Cordilleran tectonics led to the formation of the western Nevada Basin and Range 
province, a gravitationally unstable region that continues to spread laterally [i.e. Coney 
and Harms, 1984; Zandt et al., 1995], generating earthquakes with a mix of normal and 
strike-slip components.  Six large (M≥6.9) earthquakes occurred in the Central Nevada 
Seismic Belt between 1915 to 1954, with the 1872 M7.6 Owen’s Valley earthquake 
occurring just to the south (Figure 1). As there are no GPS or InSAR postseismic 
















































observations that only constrain a period of time long after any initial transients have 
subsided. This is a time when displacement rate changes (transients) are not obvious. 
Thus, postseismic displacements can only be recognized as modest deviations from long-
term secular velocities in the region. InSAR measurements acquired between 1992 and 
2000 by the European Remote Sensing Satellites ERS-1 and ERS-2, suggest a region of 
broad uplift measuring 3±0.5mm/yr [Gourmelen and Amelung, 2005], centered to the 
southeast of the Pleasant Valley earthquake (Figure 3b). With no apparent associated 
geological features, this uplift is assumed to be evidence of postseismic deformation. The 
InSAR is limited in its east-west extent, which prevents understanding of the full breadth 
of this deformation pattern.  
Two GPS networks exist in the region, one comprising 63 campaign stations occupied 
in 1992, 1996, 1998 and 2002 (herein referred to as the Basin and Range Highway 50 
network; Thatcher et al., 1999; Hammond and Thatcher, 2004), and one comprising 50 
continuous GPS stations recording surface deformation from 1996-1999 (the BARGEN 
array; Wernicke et al., 2000). Figure 4 shows a plot of GPS westerly velocities as a 
function of E-W distance through the Basin and Range. These stations are illustrated on 
Figure 1 as grey triangles. The general negative slope of the black line (polynomial fit to  
the observed data) is consistent with geological observations of E-W extension (greater 
motion to the west as a function of distance from the east) ongoing throughout the Basin 
and Range  [e.g. Gilbert, 1874; Minster and Jordan, 1984; Dixon et al., 1995]. However, 
a positive slope 100 to 300 km eastward of the CNSB is indicative of E-W compression, 
of which there is no geological evidence. One possible explanation is that of short-lived 
postseismic deformation [Hetland and Hager, 2003]. 
 
2.3.2 Lake Unloading and Rebound Constraints 
During the Late Pleistocene (~30-40 ka), an increase in precipitation and a decrease 
in evaporation led to the development of two large pluvial lakes flanking the Basin and 
Range: Lake Bonneville to the east and Lake Lahontan to the west [Russell, 1885; 




Figure 2.3. (a) Preferred viscosity structure for best-fitting postseismic model (see text) 
compared to the InSAR data is shown as the black line with the 2σ uncertainty in the grey. 
(b) InSAR range change data from Gourmelen and Amelung (2005). Black lines denote 
the earthquake slip patches in the region. (c) Calculated range change from the best-fit 
simulation of postseismic relaxation following historic earthquakes in the region. This 
result reduces misfit to the InSAR data only and uses the viscosity structure from 3a.  (d) 













Figure 3. (a) Preferred viscosity structure for best-fitting postseismic model (see text) 
FRPSDUHGWRWKH,Q6$5GDWDLVVKRZQDVWKHEODFNOLQHZLWKWKHѫXQFHUWDLQW\LQWKH
grey. (b) InSAR range change data from Gourmelen and Amelung (2005). Black lines 
d note the earthquak  slip patches in the region. (c) Calcul ted range change from the 
best-fit simulation of postseismic relaxation following historic earthquakes in the region. 
This result reduces misfit to the InSAR data only and uses the viscosity structure from 
3a.  (d) Calculated range change for simulation that reduces misfit to both InSAR and 
GPS data. 
Range change (mm/yr)

















































Figure 2.4. (a) Observed westerly velocities (diamonds) as a function of E-W distance 
across the Basin and Range (adapted from Hetland and Hager, 2003), based on data from 
Thatcher et al., 1999 and Wernicke et al., 2000. Black line is a 4th order polynomial fit of 
the data. A negative slope denotes extension, while a positive slope (grey box) denotes 
compression east of the Central Nevada Seismic Belt (CNSB). The colored lines result 
after subtracting surface velocities associated with calculated postseismic relaxation from 










































Utah and California with a surface area reaching approximately 22,500 km2 at its 
maximum extent (Figure 1) and contained approximately 2130 km2 of water [Benson and 
Mifflin, 1986]. The pressure load due to the lake drove viscoelastic flow of the lower 
crust and mantle away from the region beneath the lake, causing subsidence of the lake 
bottom and shorelines beyond that due to simple elastic deformation. Near the end of the 
Pleistocene, evaporation outpaced rainfall, reducing Lake Lahontan to a number of 
smaller lakes. Today only Pyramid Lake, Walker Lake, and Honey Lake remain as 
remnants of ancient Lake Lahontan (Figure 1). Lake unloading lead to a reversal of the 
viscoelastic flow field, bringing lower crustal and upper mantle material back into the 
region beneath the lake, and causing a rebound of lake bottom and shoreline topography.  
Two key constraints are needed to constrain numerical models of the lake loading and 
rebound, the loading history and the amount of shoreline rebound.  Lake shorelines were 
radiometrically dated using organic material and tufa and tephra layers, as well as 
correlated by using geomorphic and stratigraphic exposures {e.g. Born, 1972, Benson et 
al., 1997; Briggs et al., 2005]. These observations constrain the elevation history of Lake 
Lahontan’s rise and fall (Figure 5a). Adams et al. [1999] measured the elevations of 170 
sites from the shoreline associated with Lake Lahontan’s highstand at ~13 ka. The 
inferred magnitude and pattern of the rebound is shown in Figure 5b, with a maximum 
extent of 22±3 m in the region of the largest lake loading.  
 
2.4 Prior Modeling Efforts 
Hetland and Hager [2003] used a finite element model to explore postseismic 
relaxation following the four largest CNSB earthquakes: the M7.5 1915 Pleasant Valley, 
the M7.1 1932 Cedar Mountain, the M7.0 1954 Fairview Peak, and the M6.9 Dixie 
Valley earthquakes. Their models consisted of a 15 km elastic upper crust, a 15 km 
viscoelastic lower crust and a viscoelastic mantle halfspace. Faults were modeled with a 
uniform slip distribution scaled to match the estimated maximum moment release of each 
earthquake. Based on the observed GPS velocities that suggest a transient zone of 
compression east of the CNSB, Hetland and Hager [2003] inferred the viscosity structure 




To this end they inferred a lower crustal viscosity ranging from 5 – 50 x 1018 Pa s (red 
line in Figure 2) over a mantle with an unresolvable viscosity.  
Gourmelen and Amelung [2005] used InSAR and GPS data to constrain postseismic 
deformation following the same set of earthquakes (though they do not report their 
assumed slip distributions). They considered a three-layer finite element model similar to 
that of Hetland and Hager [2003], as well as consideration of a deeper brittle/ductile 
transition within the crust. Unable to explain the postseismic deformation using the 
published earthquake magnitudes, they chose to decrease the published moment 
magnitudes of the earthquakes, though likely within the uncertainty of these events. With 
these reductions, Gourmelen and Amelung [2003] infer a rheological structure consisting 
of a lower crustal viscosity >1020 Pa s and a mantle viscosity of 1 – 7 x 1018 Pa s (green 
line in Figure 2).  
Hammond et al. [2009] utilized the InSAR and BARGEN GPS array, as well as 
additional continuous GPS measurements [Kreemer et al., 2009] to constrain a 
postseismic study that incorporate all 7 earthquakes. They used a finite element model 
with a similar upper crust, lower crust, and mantle setup used by other studies. They 
inferred a lower crustal viscosity >1020 Pa s and an upper mantle viscosity on the order of 
1019 Pa s was sufficient to explain the data (blue line in Figure 2).  
Constrained by lake rebound measurements, Bills et al. [2007] utilize finite viscosity 
models to investigate the viscosity structure inferred from Lake Lahontan loading.  They 
consider a depth dependent viscosity structure with many more layers than considered in 
the postseismic studies. As the assumption of the loading history can have a significant 
influence on the inferred viscosity structure, they considered several possible lake level 
histories of varying complexity. Their preferred lake level history (Figure 5a) led to an 
inferred viscosity structure that decreases rapidly with depth from a viscosity of 1022 Pa s 
at 20 km depth to a minimum viscosity of 6 x 1017 Pa s from 80 to 160 km depth (black 
line in Figure 2). Below 160 km the viscosity is inferred to increase modestly to 1018 Pa s, 












Figure 2.5. (a) Change of Lake Lahontan elevation as a function of time (adopted from 
Bills et al., 2007). (b) Inferred lake shoreline rebound pattern (black lines) overlain on 
Lake Lahontan at its highstand (adapted from Adams et al, 1999). The location of the 






















































2.5 Modeling Approaches 
We use the finite element code ABAQUS (www.3ds.com) to simulate stress changes 
associated with the earthquakes and lake loading as well as the associated viscoelastic 
flow that follows each process. As Lake Lahontan rebound was completed long before 
the earthquakes considered in this study, there was no need to combine the two processes 
into a single finite element model. For efficiency in model size and run times, we thus 
modeled the earthquakes with one model and the lake loading in a separate model.  
In addition, we followed the approach of Yang and Forsyth [2008] to model a steady 
state conductive geothermal gradient in order to place constraints on the thermal structure 
of the region down to the mantle adiabat. To model melting in the mantle, we use the 
Theriak-domino software suite [de Capitani and Petrakakis, 2010] to calculate the 
positions of “wet” and “dry” melting of enriched and depleted peridotite. Details 
regarding our approach and constraints for the geothermal gradient and mantle melting 
modeling are found below in Sections 4.3 and 4.4, respectively.  
 
2.5.1 Postseismic Modeling  
A portion of the mesh used to model the 7 earthquakes and the associated postseismic 
relaxation is shown in Figure 6a. The full model extends 2100 km east-west, 1800 km 
north-south, and to a depth of 250 km (below the reach of coseismic stress changes). 
These boundaries are of a sufficient distance from the earthquake region such that the 
boundary conditions, which are fixed to stabilize viscoelastic regions, did not influence 
model results. We assume a depth-dependent elastic structure, along with a 30-km-thick 
crust for western Nevada [Gilbert, 2012], based on observed seismic velocities [Qu et al, 
1994] (Table 2). In contrast to the previous studies, we assume a brittle/ductile transition 
at 20 km depth rather than the base of the seismogenic zone located at 15 km depth, as it 
is implausible for coseismic slip to terminate at the top of a weak ductile layer. Our 
models suggest that enabling relaxation at the same depth where fault termination occurs 
enables the relaxation of anomalously high coseismic stresses, leading to spurious 




Figure 2.6. (a) A portion of the postseismic finite element model showing the CNSB 
where 6 of the modeled faults are located (the Owen’s Valley fault to the South is outside 




Earthquakes are simulated by incorporating slip patches into the mesh, then using 
constraint equations to enforce the appropriate slip across each patch. Due to the lack of 
more specific information from these historical events, each earthquake is modeled as a 
uniform slip on a single linear patch (Table 1). The exception being the Pleasant Valley 
earthquake, which was modeled as a listric fault with an average dip of 45°, consistent 
with geologic observation of normal faults in the region [Wallace, 1984]. We singled out 
this event for more careful consideration as the majority of postseismic deformation is 
observed to occur just southeast of this fault, and thus it appears to be the most influential 
event. Although the Pleasant Valley earthquake is the largest earthquake in Nevada’s 
historical record, it does not have a well-constrained moment magnitude. The estimated 
magnitude of this event varies from Mw= 6.9 to 7.5 [Lienkaemper, 1984; Wallace, 1984; 
Doser, 1988; Wells and Coppersmith, 1994; Caskey et al, 1996; dePolo et al, 2000; 





We consider a range of potential viscosity structures, from 1017 (extremely fluid) to 
1023 (elastic at these time frames) for both the lower crust and mantle, as well depth-
dependent mantle viscosity structures. For each run, we assume a candidate rheology and 
apply the earthquakes in sequence with appropriate quiescent time periods between 
events. Viscoelastic relaxation occurs throughout the simulated time-span, beginning 
after the 1872 Owens Valley earthquake. The calculated average surface velocity during 
the InSAR (1992-2000) and GPS (1992-1999) observational time periods is extracted 
from the model to be quantitatively scored with respect to these observational constraints.  
 
2.5.2 Lake Loading Model 
A portion of the lake model mesh is shown in Figure 6b, displaying the loading 
outline of the lake applied at its maximum volume. The full mesh extends 3000 km east-
west and 3000 km north-south and to a depth of 660 km depth. These boundaries are 
fixed, but of sufficient distance to not influence model results. We utilize the same elastic 
structure as used in the postseismic model (Table 2). In order to model the variable 
loading history of Lake Lahontan, we start our model at 40,500 ka and simulate lake level 
rise and fall by varying an applied pressure load at the surface equivalent to the history 
and extent of the water volume load using the preferred lake loading model (Figure 5a) 
from Bills et al. [2007].  
For the lake loading simulation, we consider a similar range of candidate viscosity 
structures as explored in the postseismic analysis, though extending this rheology to 
deeper depths that are influenced by lake loading, but not coseismic slip. In the lake runs, 
each model predicts an evolution of the lake shoreline elevations that can be compared to 
those observationally measured, enabling each candidate rheology to be scored. As with 
the postseismic runs, we sought the candidate rheologies that lead to the minimum misfit 






2.5.3 Geothermal Gradient Modeling 
To calculate the steady state conductive geothermal gradient we follow the equation 
of Chapman [1986]: 





! and 𝑞! = 𝑞! − 𝜌𝐻∆𝑧 
where T and q are the temperature and heat flow, k is the thermal conductivity, 𝜌𝐻 is the 
volumetric heat production, the subscripts t and b indicate the top and bottom of a layer, 
respectively, and ∆𝑧 is the thickness of the layer. We assume a surface heat flow of 80 
mW/m2 based on the geothermal heat flow map from Blackwell et al. [2011], and a range 
of Moho temperatures between 650 and 800 °C [Yang and Forsyth, 2008; Wernicke et al., 
2008]. We calculate a temperature dependent thermal conductivity for the crust using the 
equations of Sass et al., [1992] and the mantle using the equations of Jaupart and 
Mareschal [1999].  Internal heat production in the crust is assumed to vary exponentially 
with depth [Turcotte and Schubert, 2002], whereas in the mantle we assume a constant 
value of 0.03 µWm3 [Rudnick et al., 1998]. We assume that the conductive steady state 
geotherm ends where it intersects an adiabatic gradient of 0.4 °C/km and a potential 
temperature of 1300°C (Figure 10).  
 
Table 2.2. Young's Modulus assigned to the seismic and lake loading models based on 
seismic reflection work of Qu et al, [1994]. 
Depth (km)	 Young’s Modulus (Pa s)	
0-3	 3.0 x 1010	
3-10	 5.0 x 1010	
10-18	 7.0 x 1010	
18-28	 1.1 x 1011	






2.5.4 Mantle Melting Modeling  
In order to model mantle melting we use the average pyrolite of Ringwood [1975] for 
enriched mantle and Salters and Stracke’s [2004] estimate for a depleted mantle MORB 
source. While neither of these compositions is likely to exactly represent mantle rocks 
found beneath our study area, these enriched and depleted compositions span a likely 
range of peridotite compositions that may be present. To simulate wet melting we assume 
a water content of 0.5 wt% and a partial pressure of water equivalent to lithostatic 
pressure. For dry melting we assume anhydrous conditions.  Oxygen fugacity was set to 
the quartz-fayalite-magnetite buffer. The thermodynamic data of Holland and Powell 
[1998] was used for calculations.  Results are discussed below and shown with the blue 
and brown curves in Figure 10a.  
 
2.6 Results 
2.6.1 Individual Postseismic Results 
Calculated surface velocities associated with postseismic relaxation of the 7 most 
recent large (>Mw 6.5) historical earthquakes in Western Nevada are best fit to the 
observed InSAR data using a 4-layered viscosity structure (not counting an elastic upper 
crust to 20 km depth) consisting of a lower crustal viscosity of 1021 Pa s to 30 km depth, a 
mantle lid of 1020 Pa s from 30 to 40 km depth, 1019 Pa s to 50 km depth, and 1018 Pa s at 
depths below 50 km (Figure 3a and 3c). The solution is not very sensitive to the viscosity 
structure below ~200 km depth, as coseismic stress changes do not drive flow at such 
depths. Root mean square error (RMSE) associated with deviations from our “best-fit” 
postseismic model is explored in Figure 7. This figure shows an RMSE plot wherein the 
change in error is shown as a function of a change in viscosity in the represented layer 
with the other three layers held fixed at the best-fit viscosity for those layers. Collectively, 
these plots show that any deviation from the best-fit model (as long as the lower crust has 
a viscosity of at least 5x1020 Pa s) leads to a worse fit with respect to the InSAR data.  
This variation in RMSE shows that our postseismic model is the most sensitive to 





Figure 2.7. Graph of RMSE as a function of viscosity using our preferred 4-layer (plus 
elastic upper crust) viscoelastic model. RMSE values are normalized so the best-fit model 
(Figure 3a) is represented when RMSE is equal to one (colored square denotes this 
viscosity for each layer). In order to demonstrate how the misfit increases with respect to 
the InSAR data with different viscosity structures, we change the viscosity of one layer 




this region is ≤1018 Pa s, with very little variation in the RMSE as this viscosity is 
decreased, but drastic misfits to the InSAR data if this viscosity increases above 1018 Pa s. 
The change in RMSE is subtler for the lower crust (20-30 km), mantle lid (30-40 km), 
and depths of 40-50 km. The misfit is not sensitive to lower crustal viscosities greater 
than 1020 Pa s, but increases if this viscosity is reduced. RMSE misfits increase if mantle  
viscosities in the 30-40 km or 40-50 km depth range are decreased or increased from the 
best-fit viscosity structure.  
As previously mentioned, the positive sloped region of a polynomial fit to the 
observed GPS westward velocities (black line within the grey box in Figure 4a) means 
that the region east of the CNSB is currently compressing. However, no contemporary 


























that the GPS velocities are influenced by a transient process, most likely associated with 
postseismic deformation. Following the procedure of Hetland and Hager [2003], we 
search for rheologies that will lead to calculated postseismic velocities that resolve this 
compression. Specifically, we search for calculated postseismic velocities that when 
subtracted from the observed velocities lead to the removal of this compressive zone. To 
accomplish this, we assume a candidate rheology, calculate average postseismic 
velocities over the time-span of the GPS data (1992-1998), and then subtract those from 
the observed velocities at each GPS station. This residual is then fit with a 4th order 
polynomial to determine the degree to which regional compression has been removed. 
 We find that a wide range of viscosity structures works to reduce most or all of the 
observed compression in the GPS (Figure 4a). Reasonable fitting models range from a 
uniform viscosity of 1019 Pa s below 20 km depth (i.e. elastic upper crust over a 
viscoelastic halfspace; light blue line in Figure 4b) to a viscosity structure that decreases 
with depth from a relatively strong lower crust (1020 Pa s) to a very weak mantle (1017 Pa 
s) below 80 km depth (red line in Figure 4b).  
 
2.6.2 Combined Postseismic Results 
When we consider viscosity structures that satisfy both the InSAR and GPS data, we 
find a narrower range than inferred by each of the separately constrained studies. Most 
notably, the lower crust must be fairly strong, on the order of 1020 Pa s, but not much 
stronger. The GPS observed compression cannot be resolved using a lower crustal 
viscosity ≥5x1020 Pa s (e.g. yellow line in Figure 4). And a lower crustal viscosity less 
than 1020 Pa s does not lead to postseismic displacements consistent with the InSAR 
constraints (outside of the 2σ uncertainty range in Figure 3a). Similarly, a 1-layer model 
(elastic upper crust overlying a viscoelastic halfspace) that can resolve the compression 
(light blue line in Figure 4) does not lead to postseismic displacements that explain the 
InSAR data.  
The difference in the viscosity structures inferred by the individual postseismic 




much narrower range of the InSAR data. The narrowness of the InSAR data reduces the 
ability to constrain the lower crust. This is one of the main reasons why using both 
InSAR and GPS provides improved constraints on the viscosity of the lower crust. The 
model that lead to a calculated range change (Figure 3d) consistent with that measured by 
InSAR (Figure 3b), and also adequately resolves the compressional conundrum suggested 
by the GPS velocities (red line Figure 4a) utilizes a 5-layered structure in which viscosity 
decreases with depth (red line in Figure 4b). It consists of an elastic upper crust to 20 km 
depth, a lower crustal viscosity of 1020 Pa s to 30 km depth, a mantle lid of 5x1019 Pa s to 
40 km, then continued weakening to 5x1018 Pa s at 80 km, and 1018 Pa s at deeper depths.  
 
2.6.3 Lake Unloading Results 
Our best-fit models, determined by calculating the RMSE for the candidate rheology 
that minimizes misfit to the lake rebound data, have a viscosity of 5 x 1020 Pa s for the 
lower crust, 5 x 1019 Pa s from 30 to 40 km depth, and a minimum viscosity of 5 x 1018 Pa 
s from 40 to 325 km depth before stepping back up in viscosity to 5x1019 Pa s at 325 km 
depth and 5x1020 Pa s at 410 km depth (Figure 8). Note the large uncertainty range for 
mantle depths greater than 50 km. This uncertainty rises primarily from the lack of 
constraints on the timing of the shoreline rebound. We tested increasing the viscosity at 
250, 325, and 410 km depths, corresponding to seismic discontinuities that have been 
observed in the Western U.S. [e.g. Niazi, 1969; Shearer, 1993]. Though we find a best-
fitting model (lowest RMSE) to be consistent with a viscosity increase at 325 km depth, 
the other choices for the depth of this viscosity increase are not substantially inferior. 
And it remains possible that there is no sudden jump in viscosity at depth, but rather a 
smooth increase due to the influence of increasing pressure. 
2.6.4 Combined Postseismic and Lake Unloading Results 
In order to find the most unique rheologic solution, we attempt to fit all three data sets 
(InSAR, GPS postseismic, and shoreline rebound) with a single rheologic model. The 
range of viscosity structures that lead to predicted surface displacements within 2σ 









Figure 2.8. (a) Preferred viscosity structure for lake loading/unloading model with 2σ 
uncertainty shown in the grey. (b) Best-fit rebound for lake unloading model. Colored 
contours represent model predictions. Black contour lines represent a smoothed 
representation of the lake rebound data collected by Adams et al., (1999) with a contour 


































































Figure 2.9. (a) The preferred viscosity structure for both unloading processes and all 3 
sets of data. The 2σ uncertainty for the lake model is shown in dark grey along with the 
uncertainty of the postseismic model in the lighter grey. The region highlighted in blue 
reveals the viscosities that work for both unloading processes. This demonstrates how 
using two different processes that induce stress on the lower crust and mantle can help 
reduce the non-uniqueness issues that plague rheologic studies. The viscosity below 250 
km is only based on the lake loading model and is shown with the dashed line. (b) The 
model predictions of the lake rebound pattern compared to the measured rebound by 
Adams et al., 1999 using our preferred viscosity structure. The model predictions with 
our preferred viscosity structure compared to the InSAR data and GPS data is shown in 
Figure 3d and the red curve in Figure 4, respectively. The dashed line represents the 





































































(b) The model predictions of the lake rebo nd pattern c mpa  to the mea-
sur  rebound by Adams et al., 1999 usi g our preferred viscosity structure. 
7KHPRGHOSUHGLFWLRQVZLWKRXUSUHIHUUHGYLVFRVLW\VWUXFWXUHFRPSDUHGWRWKH
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grey region) observation constraints reveals a narrower overlap (blue region). Within this 
overlap region, the best-fitting rheology (solid blue line in Figure 9a) consists of a strong 
lower crust with a viscosity of 1020 Pa s overlying a strong mantle lid (5x1019 Pa s). This 
overlies an order of magnitude weaker upper mantle (5x1018 Pa s) from 40 to 80 km 
depth, overlying another order of magnitude weaker asthenosphere (1018 Pa s) to 325 km 
depth, and then an increase in viscosity with further depth (Figure 9a).  
We found this best fit model by summing the normalized RMSE for the lake rebound 
model with the normalized RMSE for the InSAR postseismic model assuming the same 
viscosity structure in both analyses. This process resulted in two candidate viscosity 
structures that were equally good fits to these constraints. The first rheology consisted of 
the viscosity structure outlined above and shown in Figure 9a. While the second consisted 
of a viscosity structure with a strong lower crust (1020) Pa s overlying a mantle lid of the 
same viscosity. The mantle lid overlies an order of magnitude weaker upper mantle (1019 
Pa s) from 40 to 50 km, which then decreases to 1018 Pa s to a depth of 325 km. At 325 
km the viscosity increases to 5x1020 Pa s and another increase to 5x1021 Pa s at 410 km. 
We then tested which of these two candidate rheologies best removed the region of E-W 
compression implied by the GPS data. We found that this was best accomplished by the 
first candidate rheology. We thus conclude that this rheologic structure is the most 
plausible for the lower crust and mantle beneath western Nevada. 
2.7 Discussion 
To a first order, our inferred viscosity structure (blue line in Figure 9) is consistent 
with a decrease with depth due to increasing temperature, then increasing again due to the 
effects of increasing pressure and phase changes. In addition, the viscosity of the mantle 
has also been inferred to decrease with the presence of water based on laboratory 
measurements of olivine [Karato and Jung, 1998], the most common mineral of the upper 
mantle, if it is composed primarily of peridotite. The weak mantle inferred by our model 
could also be explained by a decrease in grain size [Glišović et al., 2015] or partial 




factors may be significant, we compare our results to known geologic and geophysical 
studies from the Basin and Range as discussed below.  
We find good correlations between our inferred viscosity structure and those inferred 
from mantle xenoliths. Our calculated viscosity for a mantle lid from 30-40 km depth of 
5x1019 Pa s agrees with the effective viscosity (~3x1019 Pa s) inferred from peridotite 
xenoliths sourced from the Mojave region [Behr and Hirth, 2014]. Behr and Hirth [2014] 
also estimate the viscosity of Basin and Range xenoliths sourced from a greater depth 
(50-70 km) based on the grain-size compilation of Ave’Lallemant et al. [1980], and 
assuming the same strain rate as xenoliths from the Cima Volcanic Field within the 
Mojave region. They estimate a viscosity range of 2x1018 to 7x1019 Pa s, which correlates 
well with our inferred viscosity of 5x1018 Pa s. 
Our inferred viscosity (green line in Figure 10b) structure also compares well with 
our predictions of where melting should occur within the crust and upper mantle (Figure 
10a). Our inferred viscosity decrease at 20 km depth is at a similar depth to the minimum 
melting of intermediate rocks under wet conditions along our inferred geotherm (red line 
in Figure 10a). At 40 km depth our geothermal gradient intersects the wet melting curves 
(blue curves in Figure 10a) for depleted and enriched peridotite (solid and dashed lines, 
respectively), in agreement with our inferred decrease in viscosity at this depth. The 
geotherm intersects the calculated dry, enriched melting curve (dashed brown curve in 
Figure 10a) at a depth of ~55 km, which does not correspond to a viscosity decrease in 
our model, suggesting that dry melting does not occur. This intersection is coincidental 
because of our choice of adiabat. At a depth of ~80 km, our mantle adiabat intersects the 
melting of dry, depleted peridotite (solid brown curve in Figure 10a), which corresponds 
to a decrease in our inferred viscosity from 5 x 1019 to 1018, one of the largest drops in 
our viscosity model.  We infer the drop in viscosity is due to the melt along the grain 
boundaries coming into contact, whereas in the shallower depths from 40-80 km, partial 







Figure 2.10. (a) Calculated geothermal gradient and mantle melting curves along with a 
likely mantle solidus from Hirschman et al (2000). (b) Best-fit calculated viscosity 
structure with the estimated Vs values (Porter et al., 2014) as a function of longitude 
through western Nevada. Triangles on top are representative of volcanoes that are in the 
region along with present day Walker Lake and the Cedar Mountain fault. Correlations 
between the viscosity structure, geothermal and mantle melting modeling, and 















































































Figure 10. (a) Calculated geothermal gradient and mantle melting curves along 
with a likely mantle solidus from Hirschman et al (2000). (b) Best-fit calculated 
viscosity structure with the estimated Vs values (Porter et al., 2014 ) as a function 
of longitude through western Nevada. Triangles on top are representative of 
volcanoes that are in the region along with present day Walker Lake and the 
Cedar Mountain fault. Correlations between the viscosity structure, geothermal 
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Comparison of our inferred viscosity structure with the Vs-tomographic model 
[Porter et al., 2014], also shows striking correlations. Black curves in Figure 10b show 
the positions of major velocity changes in the Vs tomographic model over the region 
where both loading events overlap. Our inferred crustal viscosity decrease at 20 km depth 
is located at slightly greater depths than the 3.5 km/sec Vs velocity contour, which we 
pick as a division between upper and lower crust. The lower crust-mantle boundary in our 
model correlates well with the Vs Moho. Our inferred viscosity decrease at 40 km depth 
does not correlate with an observed discontinuity in the Vs structure. In fact, in this depth 
range Vs velocities are inferred to increase, which is somewhat surprising if partial 
melting is occurring. However, as pointed out by Karato and Jung [1998], the early stages 
of wet partial melting could coincide with a net increase in seismic velocities as the 
melting process draws water from the surrounding county rock. Thus the viscosity 
decrease inferred by our model may coincide with wet partial melting. The seismological 
lithosphere-asthenosphere boundary as suggested by Porter et al., [2014] varies across the 
region between ~60 and ~80 km depth (LAB curve in Figure 10b), in agreement with the 
viscosity drop at 80 km inferred in our model. Thus, there are strong correlations between 
depths of inferred melting along our geothermal gradient and seismologically derived 
velocity model for our study area.  
Critically, each of these models described above were derived independently from 
each other. These strong correlations suggest that the crustal and upper mantle decreases 
in viscosity may be caused by partial melting. Our models suggest a weak, thin mantle lid 
(30-40 km depth) lies between a partial molten lower crust and a partial molten, hydrated 
upper mantle. Our inference of partial melt in the lower crust and upper mantle is 
consistent with Quaternary volcanism within the study area (triangles in Figure 10b). 
Additionally, the intersection of the geotherm with the calculated wet mantle melting 
curves is consistent with the inference that the upper mantle beneath the great basin is 
hydrated, perhaps associated with past Farallon plate subduction.  
At depths below 325 km, the increase in viscosity we infer may correspond to phase 
and/or compositional changes within the mantle. Seismic studies from western North 




Sheehan et al., 2000; Deuss and Woodhouse, 2002], however the cause of this 
discontinuity is not currently understood. As previously mentioned, it is possible there is 
not a sudden jump in the viscosity at this depth, but rather a smooth increase due to the 
influence of increasing pressure. The globally-observed 410 km discontinuity is 
attributed to a phase change of olivine to wadsleyite. It has been suggested [i.e. Karato et 
al., 1998] that minerals in the transition zone are stronger than olivine at similar 
conditions, which would result in the transition zone having a stronger viscosity than the 
overlying olivine-rich mantle. The additional strength of transition zone minerals could 
explain the increase in viscosity we infer at 410 km depth.  
 
2.8 Conclusions 
We infer the rheologic structure for Western Nevada using three-dimensional 
numerical models of tectonic loading from 20th century earthquakes in the CNSB and 
nontectonic loading/unloading from Pleistocene-aged Lake Lahontan. Model results 
suggest this region has a strong lower crust (~1020 Pa s) overlying a relatively weak 
mantle (~5 x 1018 Pa s) from 40 to 80 km, and a very weak asthenosphere (~1018 Pa s) 
below 80 km, which then increases in viscosity below 250 km. This inferred structure can 
reasonably explain all observational constraints on surface deformation (lateral GPS, 
InSAR, and shoreline rebound measurements. Using multiple data constraints of different 
loading processes, we find the uncertainty range of the viscosity structure decreases for 
all depths of the mantle where the model space overlaps, showing the utility of using two 
distinct loading events to lessen non-uniqueness issues in rheologic studies. 
Our inferred viscosity structure is consistent with viscosities inferred from mantle 
xenoliths, seismic data, and our predictions of where melting should occur within the 
crust and upper mantle based on thermal modeling of conductive geothermal gradients 
and melting curves calculated for two end-member mantle compositions. These 
correlations suggest the inferred decreases in viscosity are due to the presence of partial 
melt within the lower crust and a partially molten, hydrated upper mantle, possibly a 




CHAPTER 3. INFERRED RHEOLOGY AND MANTLE CONDITIONS FROM 
POSTSEISMIC DEFORMATION FOLLOWING THE 2010 EL MAYOR-
CUCAPAH EARTHQUAKE 
3.1 Abstract 
Geodetically observed postseismic surface deformation following large earthquakes 
can be used to infer the viscoelastic rheology of a region, which in turn can be used to 
infer the ambient conditions of the crust and mantle. The 2010 El Mayor-Cucapah 
earthquake provides a fairly unique region of postseismic study as deformation extends 
across several distinct geological provinces, including the Peninsular Ranges, the Salton 
Trough, and the southern Mojave Desert. We use five years of GPS measurements to 
invert for afterslip and constrain a 3D finite element model that simulates viscoelastic 
relaxation. We find the afterslip cannot readily explain far-field displacements (more than 
50 km from the epicenter). These displacements are best explained by viscoelastic 
relaxation of a weak lower crust and upper mantle beneath the Salton Trough surrounded 
by much stronger regions. The laterally heterogeneous and depth-dependent viscosity 
structure is consistent with the inferred 3-D thermal structure of the region as well as the 
depth change of the lithosphere/asthenosphere boundary across the region from Sp 
receiver functions. Calculated conductive geothermal gradients along with melting curves 
of pyroxenite and enriched and depleted peridotite suggests the viscosity decreases in the 
Peninsular Range is associated with hydration and possible melt content. Calculated 
activation energy values for the Salton Trough suggest the laterally heterogeneous 






Southern California and Northwestern Mexico are located in a geologic transition 
between right-lateral motion from the Pacific-North American plate boundary and 
extension from the opening of the Gulf of California. This region of transtension 
creates a high degree of seismicity averaging approximately one large earthquake 
(>Mw6.2) every twelve years (Fletcher et al., 2014). The April 4 2010 Mw 7.2 El 
Mayor-Cucapah (EMC) earthquake ruptured ~120 km on at least 7 major faults 
(Fletcher et al., 2014) within the Salton Trough, some of which were previously 
unmapped. Coseismic slip occurred on a complex network of fault segments (Huang 
et al., this issue) and modified the stress-field throughout the region. In the years 
following the EMC earthquake, postseismic deformation was recorded on a 
significant number of continuous GPS station north of the U.S./Mexico border, and a 
few stations south of the border (Figure 1). 
Coseismic stress changes imparted by the earthquake cannot be sustained within a 
ductile lower crust and upper mantle, leading to relaxation that transfers this stress 
upward to the surface, causing postseismic deformation. Thus, measuring postseismic 
deformation provides a window into the viscoelastic structure that lies beneath. 
Previous analysis of the broad pattern of postseismic displacements following the 
EMC earthquake has inferred that a laterally heterogeneous viscoelastic structure 
across the region is required to explain the broad pattern of postseismic deformation 
observed (Pollitz et al., 2012; Rollins et al., 2014). This is expected considering that 
postseismic deformation crosses the transition from the hot, thin crust region of the 
Salton Trough to the relatively cool, thick crust region of the Peninsular Ranges to the 
west and southern Mojave Desert to the east (Figure 1). Pollitz et al. (2012) only 
utilized 1.5 years of geodetic constraints and did not consider a depth-dependent 
mantle viscosity structure. Rollins et al. (2015) considered 4 years of geodetic 
constraints and a fairly complex, multiple mechanism model (including afterslip). 
Here we seek to determine whether a relatively simple, viscoelastic structure 
guided primarily by the 3-D thermal structure of the lithosphere can explain the broad 
postseismic deformation pattern. Since GPS data south of the U.S. border is scarce 









Figure 3.1. (a) Geographic location of the El Mayor-Cucapah earthquake. The surface 
rupture is shown in white and the epicenter is illustrated with a star. Although the 
fault trace looks relatively straight, coseismic inversions reveal the fault is much more 
complex at depth. White dashed lines represent the approximate outline of the Salton 
Trough and Peninsular Ranges continuing northward along the Pacific Coast Range. 
Arrows show ~5 years of cumulative GPS observed horizontal postseismic 
displacement. The Moho depth (Tape et al., 2012) is represented by the colored 
background grid, revealing a deep Moho underneath the Peninsular Ranges of the 
Baja Peninsula and thinning beneath the Salton Trough. (b) 5 years of cumulative 








































concentrate our analysis primarily on far-field displacements (more than 50 km from 
the rupture). This approach is similar to that used in studying postseismic 
displacements following the 1999 Hector Mine earthquake [Freed et al., 2007] in 
which far-field displacements were used to infer rheologic structure below the 
seismogenic zone, with the analysis not complicated by the influence of shallow 
afterslip or poroelastic rebound. This approach is supported by Pollitz et al. (2012), 
who found that afterslip was not a dominant postseismic process following the EMC 
earthquake based upon the negative correlations between the predicted and observed 
vertical GPS displacements. Likewise, Gonzalez-Ortega et al. (2014) found that 
afterslip would only affect stations within 25 km of the fault. Nevertheless, we do 
consider an afterslip inversion in an attempt to explain all postseismic deformation, as 
such inversions can be instructive as to why viscoelastic relaxation is the dominant 
postseismic mechanism driving far-field deformation. 
We use 5 years of cumulative postseismic displacements to constrain a heat flow 
and seismic velocity-guided 3-D model of the region designed to test candidate 
Newtonian viscoelastic rheologies of the lower crust and upper mantle within the 
region surrounding the EMC earthquake. This approach provides us with an average 
viscosity structure over this time-period, sufficient to infer the relative strength of a 
laterally heterogeneous lower crust and upper mantle. While many studies choose to 
use a Burger’s rheology to also fit displacement time-series, such an approach does 
not generally add any spatial information regarding rheologic strength, our primary 
objective. We then utilize knowledge of thermal gradients and crustal and mantle 
melting environments to infer the basic ambient properties beneath the Salton Trough 
and Peninsular Ranges required to explain our inferred viscosity structure. 
 
3.3 Geodetic Data 
We obtained 116 CGPS time series from the Nevada Geodetic Laboratory 
(http://geodesy.unr.edu), which provides data from the Earthscope Plate Boundary 
Observatory’s network and from USGS sites. In order to calculate the postseismic 





estimate secular motion, annual, and semi-annual deformation terms by fitting the 
equation as, 
𝑈!,!,! 𝑡 =
𝐴!,!,! + 𝐵!,!,!𝑡 + 𝐶!,!,!sin (2𝜋𝑡)+ 𝐷!,!,!cos (2𝜋𝑡)+ 𝐸!,!,!sin (𝜋𝑡)+
𝐹!,!,! cos 𝜋𝑡           [1] 
where UE,N,Z(t) is the time-dependent displacement of east, west, and vertical 
components before the EMC earthquake, A is the reference displacement, B is the 
secular motion, C and D are the coefficients of annual displacement, and E and F are 
the coefficients of semi-annual displacement. We estimate all of the coefficients in Eq. 
1 using least square for UE,N,Z(t) of each CGPS station, and then remove these 
contributions from the post-EMC time series. This procedure allows us to estimate 
the displacement from the time immediately following the EMC earthquake to the 
beginning of 2015, which is approximately 5 years of cumulative postseismic 
displacement. To remove surface displacements due to the Mw 5.7 Ocotillo aftershock 
on June 14, 2010 and the 2012 Brawley seismic swarm for some CGPS stations, we 
adopt the GPS solutions for these two events from the UNAVCO website 
(https://www.unavco.org/highlights/2010/M7.2-Baja.html for Ocotillo and 
https://www.unavco.org/highlights/2012/brawley.html for Brawley). 
The extracted postseismic displacements (black arrows in Figure 1) reveal the 
largest observed surface displacements (over 40 mm in 5 years) occur in the Salton 
Trough, due to the proximity to the earthquake and/or warmer temperatures. The 
broad deformation pattern shows surface displacements toward the earthquake 
epicenter in the south. Closer to the U.S./Mexico border, stations to the west show 
rotation of the deformation pattern to the west (clockwise) and stations to the east 
show rotation of the deformation pattern to the east (counter-clockwise). This mimics 
the coseismic deformation, as expected for predominately right-lateral strike slip 
earthquakes (e.g. Freed et al., 2007). Our extracted postseismic deformation is 
geodetically observed well beyond 34°N and our far-field data covers a greater 
distance (>300 km) from the EMC event than previous studies by Pollitz et al. (2012) 





we observe uplift in the Salton Trough with a maximum vertical uplift of ~25 mm, 
with one station with an observation of subsidence measuring <5 mm.  
 
3.4 Modeling Approach 
3.4.1 Afterslip modeling 
For afterslip modeling, we keep the same dip angle and extend the eight-segment 
coseismic fault geometry proposed by Huang et al. [this issue] from 15 km depth 
downward to 100 km depth, in order to account for hypothetical deep afterslip in 
upper mantle. The fact that these segments are dipping does not lead to a qualitative 
difference in our conclusions. Each fault segment is discretized into 4 × 4 km2 sub-
faults and there are totally 800 sub-faults in the eight-segment coseismic fault 
geometry. Each sub-fault is allowed to slip along the fault plane with rake varied 
between 135° and 225°, representing a right-lateral strike-slip dominated motion with 
some up- or down-dip component. The dislocation inversion approach as well as 
model smoothing is described in Huang et al. [this issue]. We use the 
EDGRN/EDCMP code [Wang et al., 2003] to compute the Green’s functions in a 100 
km thick homogeneous elastic structure (see Table S2 in Huang et al., this issue).  
 
3.4.2 Three-dimensional viscoelastic relaxation modeling 
To incorporate 3D geologic complexity, simulate the stress changes associated 
with the EMC earthquake, and test candidate viscoelastic rheologies, we develop a 
finite element model using the software package ABAQUS (www.3ds.com). Our 
model extends outward ~1000 km from the EMC epicenter and to a depth of 250 km. 
These dimensions are of sufficient distance such that imposed fixed boundary 
conditions do not influence model results. We assume a laterally variable crust/mantle 
boundary based on tomographic models (Tape et al., 2012). In general, the crust is 
thin (~23 km) in the Salton Trough and thickens beneath the Peninsular Ranges (>30 
km). 
Figure 2 shows a partial view of the central model region showing the boundaries 





U.S./Mexico border, we extrapolate the depth of the crust/mantle boundary assuming 
that these thicknesses are consistent throughout the Salton Trough and Baja Peninsula. 
With no sharp deeper seismic reflectors in this region, we mimic the contours of the 
crust/mantle boundary to define the boundary between deeper rheologic layers within 
the mantle. This allowed us to model deeper mantle layers with constant thicknesses. 
Our model also allows us to consider lateral changes in the viscosity structure across 
the boundary between the Salton Trough and surrounding regions (Figure 2). 
The model assumes a depth-dependent elastic structure (Table 1) based on 
observed seismic velocities (Wei et al., 2011). We incorporate the fault geometry 
from Huang et al. (this issue), which consists of 8 fault patches with those north of the 
epicenter dipping to the northeast and those south of the epicenter dipping to the 
southwest. Each fault segment is broken up into 2 km x 2 km patches to allow 
variation of slip and rake across each fault segment. Coseismic slip is simulated by 
the use of constraint equations that describe how the opposing sides of each patch 
move relative to each other. 
We incorporate the slip distribution (Figure 3 inset) from Huang et al. (this issue), 
which uses a layered earth dislocation model to conduct a joint inversion of GPS, 
InSAR, and SPOT sub-pixel offset data to infer coseismic slip. Modest differences 
between the dislocation elastic structure (flat Moho) used to infer slip and our FEM 
leads to a modest misfit in FEM predicted coseismic displacements. This is corrected 
by increasing slip in the deepest parts of our fault patches by up to 3 m to better 
match the far field coseismic displacements. The excellent agreement between FEM-
predicted coseismic surface displacements to those observed is shown in Figure 3. 
The viscoelastic models are run by applying the coseismic slip and then allowing 
candidate viscosity structures to relax for 5 years. The calculated cumulative 
postseismic displacements are then scored against the GPS-observed cumulative 
horizontal and vertical postseismic displacements. Best-fitting models are judged by 
that which minimizes the sum of squared residuals (ssr) misfit given by: 











Figure 3.2. Three-dimensional view of a portion of our finite element model and 
mesh. Model divisions allow for testing a depth-dependent viscosity structure based 
off of variable Moho depths (shown as white dashed line) and lateral heterogeneity 
based off of heat flow data. The Salton Trough (ST) is shown in red, the Peninsular 
Ranges (PR) are represented in blue, and the Mojave Desert and surrounding regions 
are in green. The location of the fault trace is shown as a white line, however the 
rupture is modeled as eight individual fault segments (shown in Figure 4 inset). 
 
 
Table 3.1. The assumed elastic structure for the finite element model 
Depth (km) Density (km/m3) E (GPa) η 
0 – 6.0 2.40 60.6 0.2489 
6.0 – 16.0 2.67 88.4 0.2484 
16.0 – 32.0 2.80 104.8 0.2497 




















Figure 3.3. Comparison of the GPS coseismic data to the coseismic predictions from 
our finite element model. Inset shows the fault geometry embedded within our model 
































where n is the total number of observations, xo and xp are the observed and predicted 
surface displacements, and σ is the observational error (see supplemental  ) .  
3.5 Results 
3.5.1 Afterslip  
It is instructive to begin postseismic studies by assuming that all postseismic 
deformation is due to afterslip. Though this is not likely, the inferred afterslip 
distribution reveals the depth of the required flow and the goodness of fit, especially 
of horizontal versus vertical displacements, and reveals the plausibility of afterslip to 
explain the postseismic deformation field.  
An inversion for afterslip can provide a quantitatively reasonable solution to the 
observed postseismic displacements. However, this solution requires slip 
predominantly below 70 km and suggests significant slip even below 100 km depth 
(Figure 4a). Afterslip at these depths are what is required to explain far-field 
postseismic displacements hundreds of km away (Figure 4b). This, of course is an 
implausible solution as it is unlikely that a cohesive fault would extend much beyond 
the lower crust. In addition, the distribution of slip required for the afterslip model is 
not supported by our coseismic stress changes (Figure 8a), which are greatest 
immediately below the fault rupture and decays to <70 kPa at ~70 km depth. The 
inversion also requires slip in the lower crust and upper mantle (20 – 40 km depth) 
and a focused patch of high slip close to the surface. This latter component is likely 
required to correct for azimuth errors (or GPS movement due to secondary faults 
close to the main surface ruptures) from some of the GPS stations closer to the 
epicenter. It is difficult to ascertain whether such slip is realistic considering the 
implausible nature of extending fault patches well into the mantle.  
Rollins et al. (2015) provide a comprehensive look into afterslip by presenting 
coseismic stress-driven mid- to lower-crust afterslip inversions with varying dips of 
the deep fault extensions. They find cumulative afterslip after three years is not 
enough to fit the far-field surface displacements. We expect to find that a viscoelastic 
model is likely going to require some relaxation in the lower crust, but predominantly 







Figure 3.4. (a) Fault segments extended to 100 km depth with inversion for a slip 
distribution assuming all surface deformation is attributed to afterslip. (b) Observed 
and predicted lateral surface displacements for the afterslip model shown in (a). (c) 
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3.5.2 Viscoelastic Relaxation 
We initially consider two relatively simple candidate rheology structures, both of 
which are laterally homogenous: models of lower crustal flow and models of a strong 
lower crust over a weak mantle with a uniform viscosity with depth (Figure 5). For 
each configuration we solve for the viscosity that leads to the best fit with the 5-year 
observed cumulative postseismic displacements (best-fitting viscosities are illustrated 
in Figure 5) which minimizes the sum of squared residuals (ssr) misfit. All ssr results 
for our best-fitting models described below are shown in Table 2. Lower crustal flow 
models cannot simultaneously predict both near and far-field lateral displacements, 
and lead to subsidence in the vicinity of the Salton Sea where uplift is observed 
(Figure 5a). In contrast, a uniformly weak mantle model can be used to reasonably fit 
the near and far-field postseismic displacements, but leads to an underprediction of 
the observed uplift (Figure 5b). 
These simplistic models suggest that the viscosity structure requires more 
complexity. By considering a range of depth-dependent viscosity structures we find a 
good fit to the observed postseismic displacements by considering a viscosity 
structure with a moderately strong lower crust (1020 Pa s), overlying a 10-km-thick, 
stronger mantle lid (8x1020 Pa), that caps a much weaker asthenosphere (1019 Pa s) to 
a depth of ~100 km, and then modestly weaker (5x1018 Pa s) mantle below that 
(Figure 6a). This model leads to a decrease in the ssr (Table 2) for both near and far-
field horizontal displacements, as well as vertical displacements. While several 
significant misfits remain for the vertical displacements, these are associated with 
significant variability in the data itself, suggesting local non-tectonic causes. 
Though our best-fit laterally homogeneous model can be shown to reasonably 
match postseismic displacements, we note that it requires the viscosity to drop almost 
2 orders of magnitude between the strong mantle lid and weaker asthenosphere at a 
depth of 45 km. There is no seismic reflection at this depth (Wei et al., 2011, Tape et 
al., 2012) to indicate any type of sharp mineralogical or temperature boundary and if 
a phase change was present at this depth, such a large change in viscosity would still 
be unlikely. In addition, observed heatflow strongly suggests that a temperature-









Figure 3.5. Results considering 2 simplistic laterally homogeneous halfspace models. 
The model schematic (vertical exaggeration: 2.5) shows a cut through of our FEM 
with the outlines of the PR and ST shown in white. The white dashed line represents 
the Moho. (a) Best-fit viscosity structure and postseismic GPS displacements and 
predictions for a model considering a lower crust with a weak viscosity. (b) Best-fit 




















a. Best fitting lower crustal 
flow model








































Figure 3.6. Model schematic and results considering the influence of lateral 
heterogeneity or a depth dependent viscosity structure. (a) Best-fit viscosity structure 
for a model considering lateral heterogeneity. The model schematic has vertical 
exaggeration of 3x. White dashed line represents the Moho. (b) Lateral and vertical 
GPS observations with model predictions for the viscosity structure shown in (a). (c) 
Viscosity structure for our best fit model considering laterally homogeneity and 























































structure should not be uniform across a lateral boundary between the Peninsula 
Ranges and Salton Trough. Thus, despite the fit to the data, we seek a more 
physically plausible explanation to the observed postseismic displacements following 
the EMC earthquake. 
Another means of adding complexity to the rheologic structure is by considering 
lateral heterogeneity. In this region, such complexity is warranted due to the great 
variation in heat flow measured across the Salton Trough and Peninsular Ranges and 
a likely variation in mineralogy as well. We consider models that enable different 
lower crustal viscosities to be assumed inside and outside of the Salton Trough and 
variations in the viscosity of the upper mantle inside and outside of this region 
(Figure 6c). We find that the lateral heterogeneity of the viscosity structure across the 
boundary of the Salton Trough can lead to predicted postseismic horizontal 
displacements in reasonable agreement with those observed (Figure 6d) but with a 
larger ssr than a depth-dependent model (Table 2). The best-fitting model has a strong 
lower crust beneath the Peninsular Ranges (5x1021 Pa s) with an order of magnitude 
weaker lower crust beneath the Salton Trough (5x1020 Pa s). The Peninsular Ranges 
are underlain by a relatively weak mantle (1019 Pa s), with a similarly weak mantle 
beneath the Salton Trough (9 x 1018 Pa s). These weak mantles are required to explain 
far-field horizontal displacements. This model, however, does not lead to a reasonable 
fit to the vertical GPS observations, greatly underpredicting the observed postseismic 
uplift (Figure 6d). 
Our overall best-fit model is one that considers both a depth-dependent and 
laterally varying viscosity structure (Figure 7). This is our preferred model because it 
only leads to minimal misfits with respect to the observed data (Figure 7 and Table 2), 
the inferred lateral and vertical heterogeneity respects the known strong temperature-
dependence of viscoelastic rheologies—temperatures increase with depth and the 
Salton Trough is hotter than surrounding regions. This preferred model has a weak 
lower crust within the Salton Trough (1019 Pa s), underlain by a stronger mantle lid 
(8x1019 Pa s), with viscosity then decreasing with depth in steps to reach a minimum 
(3x1018 Pa s) below a depth of ~100 km. Outside the Salton Trough the lower crust 





deeper beneath Peninsula Ranges. The viscosity of the mantle outside the Salton 
Trough is also much stronger, with the mantle lid inferred to have a viscosity of 
3x1021 Pa s. Below this strong mantle lid the viscosity decreases in steps with depth 
by 3 orders of magnitude, eventually reaching the same low viscosity of 3x1018 Pa s 
at 100 km as inferred beneath the Salton Trough.  
Figure 8 shows ssr associated with deviations from our best-fit model. In this plot 
the change in error is a function of a change in viscosity of one layer if all other layers 
are held fixed at the best-fit viscosity. This plot reveals how a deviation from our 
best-fit model leads to a worse fit to the observations and which regions our model is 
the most sensitive to. We find our postseismic model is most sensitive to lower 
crustal and mantle lid viscosities in the Salton Trough. Our model is not sensitive to 
the lower crust and mantle lid viscosity of the region surrounding the Salton Trough, 
but is sensitive to the viscosities of the surrounding area at much greater depths (>80 
km), suggesting viscoelastic relaxation in the upper mantle drives the far-field surface 
deformation. 
To visualize the relaxation process, we plot stress changes due to the earthquake 
and five years of postseismic relaxation through a cross-section of the model that cuts 
through the slip zone using our preferred 3-D model (Figure 9). Von Mises stress (a 
form of maximum shear stress that is always positive) is shown to relax below our 
inferred lithosphere/asthenosphere boundary (LAB), and transfer to the lithosphere 
above. This results in an increase in lithospheric stresses, most clearly seen as a 
diffusion of stress outwards from the center of the earthquake region. Our LAB is 
inferred to be about 35 km depth below the Salton trough, just below the 8x1019 Pa s 
mantle lid, and 70 km deep in the surrounding region, just below the similarly strong 










Table 3.2. Best-fitting models and their respective ssr 
Model  Lateral ssr Vertical ssr Average ssr 
Lower crustal flow (Fig 5a) 5.85 4.18 5.02 
Mantle flow (Fig 5b) 3.16 3.37 3.27 
Depth-dependent viscosity (Fig 6a) 2.90 3.17 3.04 
Laterally varying viscosity structure (Fig 
6b) 
3.49 3.65 3.57 
Best-fitting 3D viscosity structure (Fig 
7a) 




Figure 3.7. Our preferred viscosity model with depth-dependence and a laterally 
varying viscosity structure. (a) Model schematic showing the lateral and vertical 
changes of our viscosity structure across the Salton Trough and Peninsular Ranges. (b) 
GPS observations compared to our model predictions. (c) Lateral and vertical model 
residuals.  
  


















































Figure 3.8. Graph of the sum of square residuals (ssr) as a function of viscosity with 
our best-fit laterally variable depth-dependent viscosity structure. We normalize the 
ssr values so that the viscosity structure of our best-fit model is represented when the 
ssr is equal to one (colored squares denotes the preferred viscosity for each layer). 
This demonstrates how the misfit increases with regard to the 5 year cumulative 
postseismic GPS observations if we change one layer of our preferred viscosity 
structure while holding the all other viscoelastic layers at the best-fit viscosity. The 
inset demonstrates the region that has been varied for each identically colored line in 

































Figure 3.9. (a) Calculated Von Mises coseismic stress (b) Calculated postseismic 
stress 5 years after the El Mayor-Cucapah earthquake. The Von Mises stresses shown 
are calculated with our preferred viscosity structure shown in Figure 7a. Our 
interpreted LAB is shown in white. 
Von Mises Stress (MPa)
0.0051.0 0.1 0.02
Figure 9
a. Coseismic stress change










Pollitz et al., (2012) explained postseismic displacements using a laterally varying 
rheologic structure using a mantle viscosity structure beneath a portion of the Salton 
Trough that was about 30 times weaker then the surrounding regions and a factor of 
20 greater for viscosities beneath a portion of the Peninsular Ranges and the Southern 
Colorado River Desert. The extent of these regions are less than considered in our 
model, though they are based on seismic anomalies that have since been shown to 
extend across the entire Salton Trough and northward following the trend of the 
Peninsular Ranges (Barak et al., 2015). The viscosity decrease within the Salton 
Trough considered by Pollitz et al. (2015) is at the high end of the lateral viscosity 
contrast found in our results; for example, the difference in our lower crustal 
viscosities in our version of a lateral (but, not depth-dependent) viscosity model 
(Figure 6c). We found this model inadequate to simultaneously explain observed 
vertical displacements. This requires consideration of a depth-dependent viscosity 
structure in the mantle. 
Similar to Rollins et al. (2015), we consider a model geometry that roughly 
corresponds to the region of high heat flow and thin crust within the Salton Trough. 
However, rather than a low viscosity lower crust that extends throughout the Salton 
Trough, Rollins et al. (2014) suggest a localized zone of low viscosity ranging from 
10-22.5 km depth corresponding only to the geothermal activity within the Salton 
Trough, a much narrower zone. While it is possible there could be a narrow zone of 
weakness within the lower crust located beneath the geothermal activity, high heat 
flow measurements (≥80 mW/m2) are observed throughout the Salton Trough, 
implying the entire lower crust in this region should be weak. In addition, xenoliths 
from the Salton Trough suggest temperatures of at least 950°C in the lower crust and 
alteration from meteoric waters, possibly from deep hydrothermal circulation in the 
region (Schmitt and Vazquez, 2006).  
The inference that the viscoelastic structure beneath the Salton Trough is weaker 
than surrounding regions is consistent with much higher heatflow (~100 mW/m2) 





heatflow, we calculate a steady-state conductive geotherm for the Peninsular Ranges 
(red line in Figure 9a) following the methodology of Chapman (1986): 





∆𝑧! and 𝑞! = 𝑞! − 𝜌𝐻∆𝑧   [3] 
where T represents the temperature, q is the heat flow, k is the thermal conductivity, 
𝜌𝐻 represents the volumetric heat production, the subscripts t and b indicate the top 
and bottom of a layer, respectively, and ∆𝑧 is the thickness of the layer. We assume a 
heat flow of 40 mW/m2 based on the surface heat flow map of Blackwell et al., (2011). 
Our crustal thermal conductivity is calculated using the equations of Sass et al., 
(1992), whereas the mantle thermal conductivity is calculated with the equations of 
Jaupart and Mareschal (1999). We assume the internal heat production varies 
exponentially with depth for the crust and assume a constant internal heat production 
value of 0.03 µWm3 [Rudnick et al., 1998]. Our conductive steady state geotherm 
ends at an assumed adiabatic gradient of 0.4 °C/km and a potential temperature of 
1300°C (Figure 10a).  
To model the mantle melting, we consider enriched and depleted peridotite 
(Ringwood, 1975 and Salters and Stracke, 2004, respectively) and pyroxenite 
compositions (Ducea and Saleeby, 1996) for the Peninsular Ranges. We include 
garnet pyroxenites along with peridotites as potential melting sources because 
pyroxenites are very common among xenolith assemblages in the Sierra Nevada 
Mountains (Ducea and Saleeby,1996) and Mojave Desert (e.g. Wilshire et al., 1990), 
which are derived from the same batholith as the Peninsular Ranges. To simulate a 
hydrated source we assume a water content of 0.5 wt% and assume anhydrous 
conditions for dry melting. For the peridotites, we set the oxygen fugacity to the 
quartz-fayalite-magnetite buffer. We use the thermodynamic data of Holland and 
Powell (1998) for our calculations. The results of the mantle melting modeling are 
shown in Figure 9a as the blue, brown, and green curves.  
Our inferred viscosity structure compares well with the modeled mantle melting 
for the Peninsular Ranges within the upper mantle (Figure 10a). Our inferred 
viscosity decrease (gold line in Figure 9b) at 50 km depth corresponds to the 
intersection of our inferred geotherm to the wet melting curve for a wet pyroxenite 





corresponds with the intersection of our calculated geotherm with both depleted and 
enriched wet peridotite (blue curves in Figure 10a) and dry pyroxenite (light green 
curve). This implies that regardless of the rock composition at depth, melting would 
occur if the rocks are hydrated. Lastly, the geotherm intersects the dry, depleted and 
enriched melting curve (brown curves in Figure 10a) at a depth of ~80 km, close to 
our viscosity drop at 90 km depth. Our models suggest that at depths greater than ~80 
km, most rocks could experience partial melting regardless of water content.   
To investigate the change in viscosity between the Salton Trough and the 
surrounding region we start by testing the influence of hydration. If we assume the 
viscosity difference between the Peninsular Ranges versus the Salton Trough is only 
based upon hydration, we can simplify the viscosity equation from Freed et al. (2012) 
to AeQ/RT by assuming all variables (mineralogy, grain size, etc) are the same. By 







      [4] 
we can calculate an activation energy for the Salton Trough (ST) that varies with 
depth. We assume the activation energy, Q, is equal to 480 kJ/mol for wet olivine in 
the dislocation regime and the constant A = 90 for the Peninsular Ranges (PR), 
whereas A is equal to 1.1x105 for the Salton Trough (Hirth and Kohlstedt, 2003). R 
represents the universal gas constant and T is the temperature. We estimate a 
geotherm for the Salton Trough assuming the temperature at the base of the crust is 
~900°C (reference) that increases linearly with depth until it reaches the adiabat 
(Figure X). If the viscosity change across the regions were due to a change from 
hydration to a dry mantle, we would expect a difference in Q to be approximately 50 
kJ/mol (Q = 530±4 kJ/mol for dry dislocation) based off of laboratory experiments 
(Hirth and Kohlstedt, 2003). At 40 km depth, we find a difference of 59 kJ/mol within 
the upper mantle, suggesting that the reason we have such a large viscosity difference 
at shallow depths is due primarily to a dehydrated upper mantle in the Salton Trough. 
This is supported by melt being extracted and dehydrating the surrounding country 






Figure 3.10. (a) Calculated geothermal gradient and mantle melting curves for the 
Peninsular Ranges. (b) Our best-fit viscosity structure for the Peninsular Ranges with 
the estimated Moho depths from Tape et al., (2012) and LAB structure from Lekic et 
al., (2011). Correlations between the viscosity structure, seismologic observations, 
and calculated geotherm and mantle melting modeling are discussed within the text. 
 
 
due to the dehydration. The underlying decrease in viscosity below the mantle lid is 
inferred to be a phase transition from garnet-spinel to plagioclase. 
Analysis of Sp receiver functions suggests that the seismic 
lithosphere/asthenosphere boundary (LAB) (interpreted as the largest-amplitude Sp 
velocity decrease) lies at 40 km depth beneath the Salton Trough (Lekic et al., 2011), 
which correlates well to our inferred LAB at ~35 km. The receiver functions suggest 
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marks the approximate base of where the viscosity structure in our model decreases 
from 1020 Pa s to 1019 Pa s. These results imply that largest amplitude Sp velocity 
decrease corresponds to where viscosities drop below 1020 Pa s. It is important to note, 
however, that our viscosity values are based on an average value across a 5 year span 
of observations (i.e. time-dependent). So though there appears to be consistency 
between the LAB depth inferred from Sp receiver functions and our viscosity 
structure, one cannot readily assign a viscosity value to this boundary. 
Based on the geophysical and geologic evidence presented above, we suggest 
hydrated peridotites and pyroxenites beneath the Peninsular Ranges juxtaposed next 
to dry, hot rocks underneath the Salton Trough. If we compare the Salton Trough to 
Western Nevada within the Basin and Range, the Salton Trough has a higher surface 
heat flow by ~20 mW/m2 (Blackwell et al, 2011), however the inferred viscosity 
structure within the mantle is stronger (Dickinson et al., in review). Although this 
may seem counterintuitive, this is due to the close proximity of the dry, 
asthenospheric peridotite upper mantle to the crust in the Salton Trough, whereas the 
mantle beneath Western Nevada is inferred to be hydrated, causing weaker viscosities 
even with lower temperatures.   
 
3.7 Conclusions 
We use 5 years of observed cumulative GPS postseismic surface displacements 
to constrain  finite element models of viscoelastic relaxation following the 2010 El 
Mayor-Cucapah earthquake. Our results suggest that the postseismic deformation 
pattern requires a lateral- and depth-dependent viscosity structure that closely mimics 
the thermal structure in the region. This thermal structure is controlled by temperature 
increases with depth and the higher temperature of the crust and mantle beneath the 
Salton Trough compared to the surrounding regions. Our models solve for 5-year 
average viscosities across the region. Under the Salton Trough our models infer a 
relatively weak (1019 Pa s) lower crust underlain by a much stronger mantle lid 
(8x1019 Pa s). At deeper depths, mantle viscosities drop in steps to a minimum of 
3x1018 Pa s at ~90 km depth. The surrounding colder region (e.g., the Peninsula 





upper mantle much stronger than that of the Salton Trough, but which rapidly 
decreases in viscosity to match that of the Salton Trough mantle at a depth of 100 km.  
Our inferred viscosity structure is consistent with the seismically observed LAB 
for both the Salton Trough and the Peninsular Ranges and our predictions of mantle 
melting beneath the Peninsular Ranges based on calculations of conductive 
geothermal gradients and modeled melting curves for pyroxenites and enriched and 
depleted peridotites. Our correlations suggest the inferred decreases in viscosity for 
the Peninsular Ranges are due to the presence of hydration and possible partial melt. 
In addition, the large (~2 orders of magnitude) change in viscosity between the Salton 
Trough and the surrounding region can be attributed primarily to dehydration of the 
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